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Abstract: We examine the role of the vegetation cover and the associated hydrological cycle 
on the deep ocean circulation during the Late Miocene (~10 million years ago). In our 
simulations, an open Central American gateway and exchange with fresh Pacific waters 
leads to a weak and shallow thermohaline circulation in the North Atlantic Ocean which is 
consistent with most other modeling studies for this time period. Here, we estimate the effect 
of a changed vegetation cover on the ocean general circulation using atmospheric circulation 
model simulations for the late Miocene climate with 353 ppmv CO2 level. The Late Miocene 
land surface cover reduces the albedo, the net evaporation in the North Atlantic catchment 
is affected and the North Atlantic water becomes more saline leading to a more vigorous 
North Atlantic Deep Water circulation. These effects reveal potentially important feedbacks 
between the ocean circulation, the hydrological cycle and the land surface cover for 
Cenozoic climate evolution. 








The Eocene-Oligocene and the Mid-Miocene climate transitions are two major cooling steps in the 
Cenozoic climate evolution (Zachos et al., 2001, [1]) from greenhouse to “icehouse” climate conditions. 
Ocean circulation changes and atmospheric pCO2 variations are often cited as potential catalysts of these 
cooling events (DeConto and Pollard, 2003, [2]). Tectonic reorganizations of gateways may have altered 
the large-scale ocean circulation, which in turn may have resulted in ice growth and global cooling 
(Kennett, 1977, [3]; Zachos et al., 2001, [1]). Carbon-13 proxy evidence (e.g., Wright and Miller, 1996, [4]; 
Billups, 2002, [5]) indicates pronounced ocean circulation changes in conjunction with the timing of 
tectonic events at critical ocean pathways like the Drake Passage, the Tasmanian Seaway, the Indonesian 
Seaway (Cane and Molnar, 2001, [6]; Lawver and Gahagan, 2003, [7]), the eastern Tethys (Flower and 
Kennett, 1994, [8]), and the Central American Seaway (e.g., Haug and Tiedemann, 1998, [9]). For a 
detailed review about the timing of the proxy records and their uncertainties, we refer to Mudelsee et al., 
(2014, [10]). 
Here, we examine the climate for the early Late Miocene, i.e., the Tortonian (11–7 Ma, Ma: million 
years before present). The Tortonian is characterized by intensive Antarctic glaciation and the buildup 
of ice sheets in the North Atlantic realm. We focus on the spatial temperature distribution which is a 
principal problem in understanding Cenozoic climate change. In the case of the Miocene, elevated 
global-mean surface temperatures and weaker equator-to-pole temperature gradients are proposed 
(Greenwood and Wing, 1995, [11]; Crowley and Zachos, 2000, [12]; Pound et al., 2012, [13]). While 
numerical simulations exhibit rising global-mean temperatures for increasing greenhouse gas 
concentrations, they do not capture the reconstructed reduction in the meridional temperature gradient 
(Barron, 1987, [14]; Huber and Sloan, 2001, [15]; Micheels et al., 2011, [16]). 
Some authors (Schmidt and Mysak, 1996, [17]; Hay et al., 1997, [18]; Micheels et al., 2011, [16]) 
have suggested that atmospheric heat transport may have played an important role in the temperature 
distribution. We would expect a warmer atmosphere to transport more latent heat toward the poles, 
helping to reduce meridional temperature gradients (polar amplification). However, despite the 
exponential increase of saturation vapor pressure with temperature, this water vapor feedback becomes 
less powerful as temperature rises (Caballero and Langen, 2005, [19]). Other possible mechanisms 
located in the atmosphere involve the atmospheric stationary wave response due to changing 
paleogeography and sea level. 
On the other side, marine proxy data indicate that ocean gateway changes and major reorganizations 
of the global ocean circulation can play a crucial role for the climate evolution (e.g., Kennett, 1977, [3]; 
Wright et al., 1992, [20]; Zachos et al., 2001, [1]; Mudelsee et al., 2014, [10]). Concerning the Tortonian, 
the still open Central American Seaway (CAS, i.e., the Panama Strait) enabled the exchange of saline 
Atlantic water with comparatively fresher Pacific water (Montes et al., 2015, [21]), and it has been 
shown that this leads to a weakening of the thermohaline circulation in the North Atlantic Ocean  
(e.g., Mikolajewicz et al., 1993, [22]; Bice et al., 2000, [23]). Therefore, the Atlantic thermohaline 
circulation is unlikely to be responsible for a warmer climate at higher latitudes; at least in the  
Northern Hemisphere. 
The question of temperatures might be linked to other feedbacks in the climate system, such as 
changes in the hydrological cycle and vegetation cover. Paleontological and palynological data give 
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evidence for drastic changes in vegetation and therefore climate during the Cenozoic (Retallack, 2001, [24]; 
Willis and Mc Elwain, 2002, [25]). For example, during the Eocene/Oligocene glaciation (~34 Ma), 
tropical rain forests virtually disappeared poleward of the northern and southern high-pressure zones 
(Retallack, 2001, [24]; Willis and Mc Elwain, 2002, [25]). Grasslands, which had begun to develop 
under dry conditions during the Eocene, covered larger areas in the Oligocene (after ~34 Ma). During 
the Mid-Miocene Climatic Optimum (~17 to 15 Ma), moist, warm forests expanded poleward of  
the subtropical high-pressure zones for a short period (Retallack, 2001, [24]; Willis and Mc Elwain, 
2002, [25]). Following the global climatic deterioration after the Mid-Miocene Climatic Optimum 
tropical rain forests withdrew again to the equatorial zone. Grasslands and deserts expanded through 
much of the lower mid-latitudes (Morley, 2000, [26]; Bredenkamp et al., 2002, [27]). C4-type grasslands 
became widespread during the interval from about 8 to 5 Ma (Cerling et al., 1997, [28]; Freeman and 
Colarusso, 2001, [29]). During the Miocene most of the climatically arranged vegetation belts 
developed: ranging from rain forest along the equator to polar desert at high latitudes. However, to date, 
little is known about the connection between continental vegetation change and climate change during 
the Cenozoic. It is still an open question whether the vegetation adapted to hydrological changes or 
whether it played an active role as a modifier of major climate transitions. In principle, vegetation can 
contribute to a polar amplification through modifying the local albedo (e.g., Dutton and Baron, 1997, [30]; 
Otto-Bliesner and Upchurch, 1997, [31]). In the light of these findings we investigate whether such a 
feedback could have been effective during the Late Miocene. In particular, we are interested in the 
sensitivity of the Miocene ocean circulation with respect to the vegetation cover and associated 
hydrological cycle in conjunction with the open Central American gateway. 
2. Methods 
In order to evaluate the Miocene land surface cover and its associated hydrological cycle, we use the 
output of an atmospheric circulation model under different assumptions for the land cover parameters to 
force a dynamical vegetation model and an ocean circulation model. 
2.1. Atmospheric Circulation Model 
For the Late Miocene climate simulations, we apply the atmosphere general circulation model 
ECHAM4 (Roeckner et al., 1996, [32]). The prognostic variables are calculated in the spectral domain 
with a triangular truncation at wave number 30 (T30), which corresponds to a Gaussian longitude-latitude 
grid of approximately 3.75°. The vertical domain is represented by 19 hybrid sigma-pressure (terrain 
following) levels with the highest level at 10 hPa. The model is coupled to a 50 m slab ocean. This allows 
a prescription of the Miocene ocean heat transport consistent with proxy data (Steppuhn et al., 2006, [33]). 
Furthermore, the orography is adapted to the Tortonian when the height of mountain ranges was 
generally reduced (references in Steppuhn et al., 2006, [33]). For example, Greenland reaches only about 
a tenth of its recent elevation. In addition to the aforementioned boundary conditions, the atmospheric 
CO2 is prescribed with the present-day level of 353 ppmv for all experiments. This value ranges in the 
spectrum commonly used for the Miocene (Freeman and Hayes, 1992, [34]; Cerling et al., 1997, [28]; 
Pagani et al., 1999, [35]; Pearson and Palmer, 2000, [36]; Demicco et al., 2003, [37]; Pagani et al.,  
2005, [38]; Kürschner et al., 2008, [39]; Zhang et al., 2013, [40]). 
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For the land surface, sensitivity experiments were performed which are described below. Each model 
simulation with the atmospheric general circulation model (AGCM) was run over 20 years. The model 
reaches an equilibrium state after 5 years, and the last 10 years are taken into account for further analysis. 
Vegetation is a fixed factor represented through the specification of different land surface parameters 
like albedo, roughness length, vegetation ratio, leaf area index and maximum soil water capacity. This 
model approach has been applied and validated with proxy data in an investigation of heat transport 
mechanisms for the Late Miocene (Micheels et al., 2011, [16]) and warm climate during the Late 
Miocene (Knorr et al., 2011, [41]). Depending on the surface and vegetation type, physical quantities 
like the background albedo or roughness length are changed and prescribed. The albedo is a function of 
the background albedo, and on climate variables like snow depth and ice (Roeckner et al., 1996, [32]). 
 
Figure 1. (a) The proxy-based reconstructed Tortonian vegetation; and (b) the present-day’s 
vegetation (New et al., 1999) [42]. These maps serve as an input into the atmospheric general 
circulation model (AGCM) experiments TVEG (a), TGEO (b) and CTRL (b). Warm grass 
corresponds to subdesertic Mediterranean-like open vegetation.  
Based on the Late Miocene boundary conditions described above, we performed two Tortonian 
sensitivity experiments with respect to the vegetation. The first Tortonian simulation (TGEO) used the 
present-day vegetation, except that Greenland glaciers were replaced by tundra vegetation  
(Steppuhn et al., 2006, [33]). The second Tortonian run (TVEG) uses a proxy-based reconstruction of 
the palaeovegetation (Figure 1) (Micheels, 2003, [43]; Micheels et al., 2007, [44]). The palaeovegetation 
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represents a generally larger forest cover than today and forest margins shift farther poleward. Grasslands 
and deserts/semi-deserts are reduced in the Late Miocene. For example, in North Africa the Late 
Miocene vegetation reconstruction shows warm grassland to savanna vegetation without any desert area. 
It is an on-going debate whether North Africa was humid until the Pliocene (e.g., Pickford, 2000, [45]; 
Micheels et al., 2009, [46]) or whether the Sahara desert first appeared at the end of the Miocene (~7 to 
6 Ma) (e.g., Vignaud et al., 2002, [47]; Schuster et al., 2006, [20]). For the Tortonian (11 to 7 Ma), a 
non-desert situation in North Africa as an intermediate state in between the Early Miocene tropical forests 
(Wolfe, 1985, [48]; Dutton and Barron, 1997, [8]) and desert in the Pliocene (e.g., Schuster et al., 2006, [20]) 
is consistent with the fossil record. For TVEG, land surface parameters (albedo, leaf area index, 
vegetation and forest cover, and maximum soil water capacity) are changed for each grid point. A list of 
the experiments is given in Table 1. 
Table 1. List of experiments. 
 CTRL TGEO TVEG 
Atmosphere: ECHAM4 
SST modern Steppuhn et al., (2006), [33] Steppuhn et al., (2006), [33]
ocean heat transport modern Steppuhn et al., (2006), [33] Steppuhn et al., (2006), [33]
CO2 353 ppmv 353 ppmv 353 ppmv 
land modern Greenland/Tibet Greenland/Tibet 
vegetation modern modern Micheels et al., (2007), [36]
Ocean: LSG 
ocean gateways modern CAS 500 m CAS 500 m 
wind and hydrological cycle from CTRL from TGEO from TVEG 
salinity and temperature calculated calculated calculated 
Vegetation: LPJ 
vegetation calculated - calculated 
2.2. Dynamical Vegetation Model 
The Lund-Potsdam-Jena dynamical vegetation model LPJ (Sitch et al., 2003, [49]) combines  
process-based descriptions of terrestrial ecosystem structure (vegetation composition, biomass and 
height) and function (energy absorption, carbon cycling). Vegetation composition is described by nine 
different plant functional types (PFTs), which are distinguished according to their physiological  
(C3-, C4-type photosynthesis), morphological (tree, grass) and phenological (deciduous, evergreen) 
attributes. The model is run on a horizontal 2° × 2° grid, directly forced with the output of the AGCM 
experiments. The model is run on a grid cell basis with input of soil texture, monthly fields of 
temperature, precipitation, short- and long-wave radiation. The soil texture is taken from present values. 
Each grid cell is divided into fractions covered by the PFTs and bare ground. Both the presence and the 
covered fraction of PFTs within a grid cell depend on their specific environmental limits and on resource 
competition among the PFTs. Carbon isotope fractionation is included in the model (Kaplan et al.,  
2002, [50]; Scholze et al., 2003, [51]). 
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2.3. Ocean Circulation Model 
Our ocean model is an updated version of the LSG circulation model developed by Maier-Reimer et al., 
(1993, [52]). We implemented some significant improvements such as a new advection scheme for 
tracers (Schäfer-Neth and Paul, 2001, [53]; Prange et al., 2002, [54]; Prange et al., 2003, [55]) and an 
overflow parameterization for the bottom boundary layer (Lohmann, 1998, [56]; Lohmann and Schulz, 
2000, [57]). The spatial resolution is 3.5° × 3.5° in the horizontal and 22 levels in the vertical. We 
calibrated the model by simulating anthropogenic carbon-14 (Butzin et al., 2005, [58]). The ocean is 
forced by 10-year averaged monthly fields of wind stress, surface air temperature, and freshwater flux 
(precipitation-evaporation), which serve as background climatology and originate from the simulations 
with the AGCM ECHAM4 described in Section 2.1. 
In the ocean circulation experiments, we employ a hybrid coupled modeling approach, which allows 
an adjustment of surface temperatures and salinity to changes in the ocean circulation, based on an 
atmospheric energy balance model (Lohmann and Gerdes, 1998, [59]; Prange et al., 2003, [55]). No flux 
correction is applied for present day and other climate conditions. This approach permits that sea surface 
temperatures (SST) can freely adjust to ocean circulation changes (e.g., see Prange et al., 2003, [55]; 
Knorr and Lohmann, 2003, [60]; Butzin et al., 2005, [58]). The hydrological cycle is closed by a runoff 
scheme that considers continental catchment areas and allows for variable land-sea distributions, which 
permits that sea surface salinities (SSS) can freely evolve. The total integration time of each experiment 
is 5000 years. For the late Miocene simulations, we assumed a 500 m deep and three gridpoints wide 
(between 9° N and 18° N) gateway between the Atlantic and Pacific Oceans. 
3. Results 
3.1. Albedo, Hydrological Cycle and Vegetation Cover 
In order to check the consistency of the reconstructed vegetation distribution with the modeled climate 
in TVEG, we apply the dynamical vegetation model LPJ. We use the monthly output of the last 10 years 
of the CTRL and TVEG simulations, iterating these simulations 200 times to achieve an equilibrium of 
the dynamical vegetation model after 2000 model years. We build an average over the last 500 years and 
identify the spatial patterns of the PFTs for the Tortonian and present-day vegetation cover (Figure 2). 
For the late Miocene, simulated tropical trees are spread into subtropical Africa (North and South) and 
parts of Australia, whereas temperate trees are extended over Asia relative to present conditions. The 
extension of boreal forests far into the northern high latitudes during the Tortonian is in accordance with 
proxy data (Boulter and Manum, 1997, [61]). Grassland is extended into subtropical areas, over 
Greenland and over Alaska. The Sahara desert is smaller than today and consists of steppes and open 
grassland rather than sand desert which is consistent with fossil data (Schuster et al., 2006, [62]; 
Micheels et al., 2009, [46]). 
When comparing TVEG with CTRL and TGEO, altering the land surface parameters to that 
appropriate for the Late Miocene causes the surface albedo to decrease for most regions on the globe 
(Figure 3). The strongest changes are found over northern Asia and North America, and over North Africa. 
The removal of inland ice on Greenland causes surface temperatures to rise and the associated reduction 
in the ice-albedo feedback mechanism reduces sea ice in the northern high latitudes. 





Figure 2. Dominant plant functional types as simulated by the LPJ dynamical vegetation 
model for present (upper panel) and Tortonian conditions (lower panel). The model has  
been run to equilibrium conditions (see text for details). White areas indicate regions with 
no vegetation. 





Figure 3. Changes in the mean annual albedo (frac.) for (a) TVEG minus CTRL; and  
for (b) TVEG minus TGEO. 
Figure 4 shows the zonally integrated freshwater flux over the Atlantic catchment area (cf., Lohmann, 
2003, [63]). In the subtropics there is considerably more net evaporation for TVEG than for CTRL and 
TGEO. The integrated net evaporation between 10° and 50° N is 0.227 Sv (CTRL), 0.209 Sv (TGEO), 
0.305 Sv (TVEG), respectively. (The unit 1 Sv corresponds to a mass transport of 109 kg s−1, equivalent 
to a volume transport of 106 m3 s−1 of liquid water.) Maximum transport is found for TVEG, which is 
linked to zonal winds and a water vapor export out of the Atlantic catchment area. The wind anomalies 
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between TVEG and TGEO are shown in Figure 5. The wind anomalies are largely related to changes in 
surface temperature. Pronounced changes are seen over North Africa with enhanced monsoonal 
circulation in the boreal summer (Figure 5b). The zonal circulation towards the African continent and 
the Indian Ocean is enhanced in TVEG, associated with increased land-sea contrast between 2 °C and  
6 °C and increased precipitation over the Sahel region and the Indian Ocean. In a sensitivity study,  
Micheels et al., (2009, [46]) found that the Sahara region greening leads to a temperature rise of up to 6 °C 
and a significant increase in precipitation in the Sahel region and the Indian region (cf. Figure 2,  
Micheels et al., 2009, [46]). The pronounced clockwise circulation over a center at 60° W, 30° N (Figure 5b) 
is most likely linked to the barotropic response to a relative cooling in this area. This circulation indicates 
an increased transport out of the Atlantic basin, especially during the boreal summer season when the 
moisture transport is maximal. Furthermore, we detect a strong change in the North Pacific Ocean which 
reaches its maximum in boreal winter (Figure 5a). A pronounced change can also be detected for the 
annual mean circulation (Figure 5c). 
For the momentum flux it is interesting to note that the zonal wind stress in the Atlantic Ocean is only 
slightly affected for TVEG and lies between the CTRL and TGEO simulations (Figure 6). The meridional 
wind stress (Figure 7) is similar in the experiments TVEG and TGEO, except for a region around 50° N. 
 
Figure 4. Annual mean net freshwater fluxes in the Atlantic Ocean for CTRL, TGEO, and 
TVEG. For the calculation of the net freshwater flux, the catchment areas in the ocean model 
have been taken into account (as in Lohmann, 2003, [63]). South of 35° S, the Atlantic Ocean 
is defined by the longitudes of the southern tips of South America and Africa, respectively. 






Figure 5. Changes in the wind field (m/s) at 850 hPa for TVEG minus TGEO. (a) Boreal 
winter: December-January-February; (b) boreal summer: June-July-August; (c) annual 
mean. The reference arrow represents 5 m/s. Vectors for differences of less than 0.5 m/s are 
not shown.  




Figure 6. Zonal mean zonal wind stress in the Atlantic Ocean for CTRL, TGEO, and TVEG. 
 
Figure 7. Same as Figure 6, but for the meridional wind stress. 
3.2. Ocean Circulation 
The control experiment for present-day conditions (Figure 8a) reasonably reflects the modern Atlantic 
Ocean circulation with a southward water export of 16 Sv at 30° S and a heat transport of 0.96 PW  
(1 PW = 1015 W) at 30° N, which is in the range of oceanographic observations (Schmitz, 1995, [64]; 
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Macdonald and Wunsch, 1996, [65]). A comparison of the control run with the Tortonian experiments  
(TGEO, TVEG) reveals significant changes in the meridional overturning circulation (Figure 8b,c):  
The formation of deep water in the North Atlantic is strongly reduced (TGEO) when the Central 
American Seaway (CAS) is open (Figure 8). The meridional circulation is only 3 Sv and represents a 
“mini-conveyor belt” circulation with an ocean heat transport at 30° N of 0.19 PW (Figure 8b).  
In experiment TVEG, the circulation strength is similar to present-day conditions (14 Sv export at 30° S, 
0.83 PW at 30° N), but slightly shallower than today. The reason might be the increased flow of bottom 
water from the Antarctic (Figure 8c). 
(a) (b) 
(c) 
Figure 8. Atlantic meridional overturning circulation (Sv = 106 m3/s) for present-day (a), 
and the late Miocene configuration with open Central American Seaway (CAS); (b) with 
present vegetation cover (TGEO); and (c) with reconstructed vegetation cover (TVEG).  
Note that the Atlantic meridional overturning stream function is only defined if the ocean 
basin is bounded either side by land. We calculate the stream function from the bottom of 
the ocean to the top. Therefore, the open seaway is blanked out in the panels b and c. 
A detailed analysis of the flow patterns in various depths of the CAS shows an export of surface water 
from the Atlantic to the Pacific Ocean (Figure 9a). The import of thermocline and intermediate layer 
water from the Pacific to the Atlantic Ocean is responsible for a reversal of the Northeast Brazil Current 
(Figure 9a). The subsurface transport for depths of more than 200 m is 27 Sv and 29 Sv for TGEO and 
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TVEG, respectively. The net flux of Pacific water through the CAS into the Atlantic leads to thermocline 
water of relative low salinity. This freshening inhibits deep-water formation in the North Atlantic. In 
TGEO, the surface winds and atmosphere-ocean net freshwater flux in the North Atlantic are not able to 
overcome this freshening by the open CAS (Figure 8b). In contrast to TVEG, a stronger northward flow 
(Figure 9b) and increase in net evaporation are sufficient to push the ocean circulation into a  
present-day-like circulation mode (Figure 8c). Both the increased ocean circulation with a northward 
shift of the Arctic sea ice, and a local warming associated to the land surface quantities, induce an 
anomalous warming between TVEG and TGEO of up to 8 °C (Figure 9b). Note that all experiments 
were carried out for pCO2 = 353 ppmv. Figure 10a displays the zonal mean sea-surface temperature in 
the Atlantic Ocean. North of 30° S, the surface temperature in TVEG is increased compared to CTRL 
and TGEO in the zonal mean. Interestingly, the strongest temperature change between TVEG and CTRL 
(more than 3 °C) is in the subsurface of the Atlantic Ocean (Figure 10b). This increase is strongest 
between 40° S and 20° N at 500 m depth. Pronounced warming is detected for a region around Iceland 
and in the northern North Pacific (Figure 9a). 
(a) (b) 
Figure 9. Modeled sea surface temperature anomalies [°C] and surface flow [m/s].  
(a) Difference between TVEG and CTRL; (b) difference between TVEG and TGEO. 
In TGEO, the drop in meridional ocean circulation is accompanied by a reduction in sea surface 
salinity in the North Atlantic (Figure 11a). Due to the exchange of surface water in the CAS, the surface 
water in the tropical Pacific becomes more saline. In contrast to TGEO, the stronger ocean circulation 
for TVEG is related to the considerably higher sea surface salinities in the North Atlantic Ocean  
(Figure 11b). The increased water vapor transport (as seen in the increase in 850 hPa winds) provides a 
source for net negative freshwater flux in the North Atlantic basin (a net evaporation anomaly) affecting 
sea surface salinity. The strong increase in North Atlantic upper 500 m salinity is clearly emphasized in 
the Atlantic zonal-mean salinity distribution (Figure 12a). The surface and subsurface warming of TVEG 
relative to TGEO is strongest in the subtropics and polar latitudes (Figure 12b). At northern polar 
latitudes, the warming is associated to strong poleward surface currents (Figure 10b), sea ice retreat, and 
meridional heat transport. 




Figure 10. (a) Zonal mean sea surface temperature [°C] for CTRL, TGEO, and TVEG;  
(b) zonal mean Atlantic temperature anomaly TVEG-CTRL [°C]. 
(a) (b) 
Figure 11. Modeled sea surface salinity anomalies [PSU]. (a) Difference between TGEO 
and CTRL; (b) difference between TVEG and TGEO. 
(a) (b) 
Figure 12. Zonal mean difference between TVEG and TGEO in the Atlantic Ocean:  
(a) salinity; (b) temperature. 




We have evaluated the vegetation effect on the surface albedo and ocean circulation during the late 
Miocene. We find that both effects contribute to a relatively warm late Miocene climate in the North 
Atlantic realm. Such warming has been reported from terrestrial proxy evidence (e.g., Wolfe, 1994, [66]). 
The albedo is strongly reduced through the presence of vegetation (greening) and through the  
vegetation-snow-albedo feedback (reduction of the snow-albedo feedback in the presence of vegetation). 
Several modeling studies found that paleovegetation-climate feedback may have significantly 
contributed to the Cenozoic climate evolution (Dutton and Barron, 1997, [30]; Knorr et al., 2011, [41]; 
Bradshaw et al., 2015, [67]). However, the possible synergy of vegetation and climate can vary with 
different background conditions. Bradshaw et al., (2015, [67]) suggest that climate sensitivity to CO2 
forcing is directly affected by the palaeogeographic configuration and that the inferred climate sensitivity 
is higher for the late Miocene than we might expect for future climate because of the differences in 
vegetation distribution (e.g., tropical forest changes) in conjunction with differences in ocean circulation 
and sea ice. Most models indicate a weaker overturning rate of the deep ocean circulation during the 
Miocene (Herold et al., 2012, [68] and references therein) which is accompanied with reduced  
high-latitude salinities and lowered northern North Atlantic temperatures. 
Associated with the changes in the atmospheric circulation, we detect enhanced water vapor export 
out of the Atlantic catchment area for the Tortonian in the presence of vegetation. The enhanced water 
vapor transport is caused by an increase in the zonal moisture transport associated with the Atlantic trade 
winds. Triggered by high salinities at northern high latitudes, North Atlantic Deep Water is formed and 
the sea ice edge is moved poleward, in general agreement with proxy data (e.g., Wolf and Thiede,  
1991, [69]). A stabilizing effect of the ocean circulation has been proposed for tropical water vapor 
transport during glacials (Lohmann and Lorenz, 2000, [70]) which may be responsible for an additional 
sea surface salinity contrast between the Atlantic and Pacific/Indian Oceans (Broecker, 1992, [71]; 
Zaucker and Broecker, 1992, [72]; Zaucker et al., 1994, [73]), for times when the Atlantic overturning 
is weaker (Lohmann, 2003, [63]), as well as for El Niño conditions (Schmittner et al., 2000, [74]; Soden, 
2000, [75]; Latif et al., 2000, [76]). As pointed out by Steppuhn et al., (2006, [33]), there is a significant 
warming of more than 2 °C at the eastern margin of the Pacific Ocean associated with a decreased 
upwelling in this area. This is linked to a weaker equatorial Walker circulation and a Tortonian 
permanent El-Niño state. Fedorov et al., (2006, [77]) proposed that a permanent El-Niño state might 
have contributed to the Pliocene glaciation and Cenozoic climate evolution. This aspect will be analyzed 
in a subsequent study using a fully coupled atmosphere-ocean circulation model for the late Miocene. In 
our experiments, we changed the wind stress and the hydrological cycle in our hybrid-coupled model 
approach. Sensitivity experiments indicate that the direct wind effect turns out to be of secondary 
importance in our simulations (not shown). 
New proxy compilations (LaRiviere et al., 2012, [78]; Goldner et al., 2014, [79]; references therein) 
indicate a substantial increase of several degrees in SST. Our simulations suggest a pronounced warming 
in the northern North Atlantic and North Pacific Oceans and a moderate warming in the tropical Atlantic 
Ocean and some regions in the Southern Hemisphere. Compared to LaRiviere et al., (2012, [78]), the 
warming in the northern North Pacific Ocean is not as strong as in reconstructions. It has been speculated 
that other mechanisms such as a long-term trend of thermocline shoaling and feedbacks may have been 
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responsible for the warmth of the late Miocene (LaRiviere et al., 2012, [78]). A detailed model-data 
comparison is however not our intension here. Goldner et al., (2014, [79]) illustrate that the  
Mid-Miocene climate optimum is difficult to be simulated by a state-of-the-art climate model with CO2 
concentrations reconstructed for the Miocene, and concluded that either the models are not sensitive 
enough or that additional forcings remain missing to explain half of the anomalous warmth and 
pronounced polar amplification. In addition, it is possible that other mechanisms not included in the 
present generation of GCMs also might have had an important impact on Tortonian climate, such as 
high-latitude radiative warming by polar stratospheric clouds (Sloan and Pollard, 1998, [80]), increased 
ocean heat transport driven by tropical cyclone-induced mixing (e.g., Emanuel, 2002, [81]), or increased 
levels of greenhouse gases such as methane. Methane can be estimated through stable carbon isotopes 
(biological processes preferentially incorporate carbon-12) and areas of wetlands as calculated from the 
land surface scheme including the vegetation distribution. 
In our approach we used a “one-way interaction” model. Sensitivity experiments using fully coupled 
models (i.e., two-way interaction between vegetation and ocean) would provide more comprehensive 
information on the interaction between vegetation and ocean circulation in the Late Miocene. 
Furthermore, we have to take into account that the uncertainty in the CO2 reconstructions is at least  
150 ppm (larger than the glacial-interglacial variations), therefore we are unable to state that the CO2 
concentrations did not vary (cf. Kürschner et al., 2008, [39]; Zhang et al., 2013, [40]; and references 
therein). Therefore, fully interactive atmosphere-ocean-ice-biogeochemistry models might be necessary 
in order to examine the Earth system feedbacks for the Miocene. 
To further investigate major developments during the Miocene, a combined approach between modeling 
and establishing proxy records from selected key locations is needed. Model results on changing patterns 
of heat transport can be validated by temperature reconstructions (Mg/Ca, alkenones, TEX86), both from 
the deep (benthic fauna) and the shallow (planktonic) ocean (Lear et al., 2003, [82]; Billups et al.,  
2002, [83]; Sluijs et al, 2006, [84]). Interestingly, the deep water in the North Atlantic Ocean indicates 
a warm signature during the late Miocene (Lear et al., 2003, [82]) which can be interpreted as an already 
established meridional overturning circulation at this time. Before and after the Tortonian North Atlantic 
temperatures were much lower and indicate a reduced ocean circulation. In a next step, we should test 
the extent to which temporal shifts in growing season or vertical shifts in depth habitat can reduce  
model-data and data-data misfits and uncertainties (cf. Lohmann et al., (2013, [85]) for a similar analysis 
of Holocene sea surface temperatures). Figure 10b indicates large vertical temperature changes between 
the experiments which are interesting in terms of differing temperature reconstuctions. For example, 
some proxies might reflect subsurface signature more explicitely than the other proxies and they show a 
different equator-to-pole gradient. Similarly, a quantitative terrestrial model-data comparison for the late 
Miocene has been undertaken by Bradshaw et al., (2012, [86]), which incorporated a conservative 
estimate of uncertainties associated with both the model output and the data reconstructions. 
Major changes in ocean circulation can be further traced by using water mass characteristic proxies 
like Cd/Ca, Nd isotopes, and carbon-13 (Frank et al., 1999, [87]; Frank et al., 2002, [88]; Delaney and 
Boyle, 1987, [89]; Butzin et al., 2011, [90]). The combination of temperature reconstructions with 
oxygen-18 gives evidence on changes in salinity and may provide indications on the high salinities in 
the northern North Atlantic and associated strong ocean circulation. 
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It can be speculated that the overturning effect which is described here is relevant for other time slices 
as well. Zhang et al., (2013) [91] analyzed the models participating in Pliocene Modeling 
Intercomparison Project (PlioMIP) and showed that the simulated mid-Pliocene Atlantic northward heat 
transport is similar to the pre-industrial. The consistent change in Atlantic deep circulation is a moderate 
shoaling of the overturning cell in the Atlantic, but there might be also model-dependent factors like the 
Arctic Ocean sea surface salinity (Stepanek and Lohmann, 2012, [92]) which potentially stem from 
vegetation-ocean feedbacks for such climate states. Further studies are required to examine the possible 
feedbacks for such climate states, which might be crucial for the high-latitude climate during the Cenozoic. 
5. Conclusions 
The Cenozoic climate evolution includes significant changes in the oceanic transports which are 
ultimately linked to the paleotopography and opening and closing of passages. Our study aims at 
exploring the effect of land-cover changes as a non-CO2 forcing that might have happened during the 
late Miocene. When the CAS permitted exchange of fresh Pacific water with saline Atlantic water the 
density in the North Atlantic Ocean is reduced, thus affecting the large-scale ocean circulation. We find 
that a modified land surface cover can compensate this gateway effect showing an almost present oceanic 
northward heat transport. Essential for this mechanism is the increased interbasin fresh water transport 
in conjunction with a positive feedback of enhanced thermohaline-driven ocean circulation. 
Our results indicate that the reorganization of vegetation zones, topographical changes and changes 
in the global ocean circulation could have played a dominant role in the major Cenozoic climate 
transitions. Consequently, it is of utmost importance not only to understand the behavior of these 
individual systems in better detail but also to investigate the full dynamics, feedbacks, and synergisms 
of the coupled system (including the carbon cycle). The high-latitude warming likely involves many 
different nonlinear feedbacks to the imposed changes (Lyle et al., 2008, [93]; Knorr et al., 2011, [41]; 
Knorr and Lohmann, 2014, [94]). Kürschner et al., (2008, [57]) point to a long-term coupling between 
atmospheric CO2 and climate, but indicate large fluctuations in greenhouse gas concentrations during 
the Miocene affecting the evolution of terrestrial ecosystems. 
The Cenozoic is a proper test bed for large structural changes in a similar, but warmer climate with 
major regional heterogeneities. In the late Miocene, the reconstructed elevated global-mean surface 
temperatures and weaker equator-to-pole temperature gradients are underestimated in our model  
(as in all models which we are aware of). However, comparing proxy data with models, one should 
furthermore test the assumptions in the recorder systems (e.g., temporal shifts in recording season, shifts 
in depth habitat, recorder specific assumptions) by using proxy models and statistical analysis. As a 
logical next step, we will apply such tools to examine the large-scale temperature gradients under 
external forcings during the Miocene. 
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